





4 Carbon and Carbon Addition

4.1 Carbon Isotope Excursion (CIE)

Carbon isotope ratios measure the fluxes and sources of both organic and inorganic carbon in the
Earth system (Ruddiman, 2001). The method is based on measuring the deviation of the rarer 3C
from the much more common isotope '2C, relative to a generally recognized standard of the ratio

of the two. This deviation, measured in parts per thousand (%o), is calculated using equation 1:

(130/12C)sample - (130/120)

standard
(13C/120) x 1000 (D

5180 =

standard

The PETM was first identified by the discovery of a large negative CIE in deep sea sediment
cores. Since the first data concerning the PETM were reported by Kennett and Stott (1991), nu-
merous studies have presented varying though consistent results for the oceanic and terrestrial
negative isotope excursions (Fig. 5). Ocean sediment cores have identified CIEs of about -2 to
-3%o (Zachos et al., 2003), whereas terrestrial sources have been found to be about 3%o larger
in magnitude (Bowen et al., 2004). This discrepancy is most likely due to increased dissolution
of carbonate (CO37) in the oceans (see section 6.1 below), which renders the oceanic samples
unrepresentative of the full scope of the excursion (Pagani et al., 2006).

Dickens et al. (1997) used the box model of Walker and Kasting (1992) to determine the mag-
nitude of a carbon isotbpe excursion after a release of 1.12x10'® g of CH;. Methane hydrate is
stored in continental shelves. Methane was released into the ocean as a gas when the waters at

these levels warmed. Presently, it is not known what proportion of this CH, was oxidized in the
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Figure 5: (A) Section from Cabin Fork (Wyoming) with anomaly values of §*3C,,,. (B) Section
from Polecat Bench (Wyoming) showing §*3C,,, with meter levels at right. (C) Bulk carbonate
513C at ODP Site 690B (Southern Ocean) with time at right (Wing et al., 2005).
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ocean, and what proportion survived the voyage in the ocean to be oxidized in the atmosphere.
Due to this uncertainty, and to the fact that the residence time of atmospheric CHy is very short
(~8.7 years) relative to the timescales involved in the study, the authors assumed that the methane
was entirely released to the atmosphere, and that it oxidized immediately to become COs.

Over a period of 10 ky, Dickens et al. (1997) added CO, with a §'3C of -60%o to the atmo-
sphere (the experimentally derived value for methane hydrate); that is, 3.08 x 10'* g of CO,/year.
Although the six ocean reservoirs (the warm and cold shallow water layers, the thermocline, and
the three deep ocean reservoirs, see Fig. 2) involved commence with different values of 6!3C, they
react similarly to the addition of 3C depleted CO, (Fig. 6). By the end of the 10-ky period of
carbon addition, CIEs ranging from -2.2 to -2.4%0 were measured in the six reservoirs. Also, the
013C values of every reservoir returned to their initial conditions exponentially over approximately
200 ky (Fig. 6). Even though the model was tuned to present day conditions, these two results

match the proxy data very well.

4.2 Early Paleogene Temperature Sensitivity to Carbon Dioxide Increases

Using the NCAR CSM v.1.2 with a 50 m slab ocean, Shellito et al. (2003) analyzed Paleocene/Eocene
climate sensitivity to increasing CO,. Three time slice runs with CO, concentrations of 500, 1000,
and 2000 ppm were performed, and the results were compared with proxy data estimates (Fig. 3).
Since estimates of early Paleogene CO, concentrations still vary widely (from 300 to over 3000
ppm), modeling studies such as this contribute to the interpretation of the data and the improve-

ment of future model runs by lowering the variability in the initial atmospheric conditions and

19



I
-]

-k
n

=

CH, Release (10" o)
b

-1 {3« 10%yr

0.0 0.5 1.0 15

Time (10°yn)

Figure 6: These three subfigures show the impact of a release of 1.12x10'® g of CH4 over 10
ky with a 6*3C of -60%o. (A) Yearly release of 3.08x10 g of CO,. (B) 6'3C changes in the
three deep ocean basins. The deep-Atlantic, -Indian, and -Pacific Ocean reservoirs begin with §'3C
values of 0.996%o, 0.620%o, and -0.508%c. (C) §'3C changes in the three surface reservoirs. The
warm surface water, atmosphere (shifted by +8%o for graphing purposes), and cold surface water
reservoirs begin with 4'3C values of 2.577%, -6.367%o, and 1.355%o (Dickens et al., 1997).
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Figure 7: Zonally averaged temperatures over land for (A) January and (B) July. CO; = 500 ppm
(solid line), CO, = 1000 ppm (short-dashed line) and CO, = 2000 (long-dashed line). Squares
represent cold month mean temperature estimates for coastal locations from Eocene flora (circles
for inland locations) (Greenwood and Wing, 1995). The higher CO, scenarios are a better fit to the
proxy data (Shellito et al., 2003).

hence greenhouse forcing.

For a doubling of CO, from 500 to 1000 ppm, and then from 1000 to 2000 ppm, global mean
surface temperature increased from 20 to 22 °C and from 22 to 24 °C, respectively (Shellito et al.,
2003). Therefore, the model sensitivity to a doubling of CO, was found to be 2 °C. Winter high-
latitude temperatures were found to have the most prominent increa§e (Figure 7), and this was
mainly due to weakened ice-albedo feedbacks in the two higher CO, scenarios (Shellito et al.,
2003). As can be seel; from figure 7, the 1000 and 2000 ppm scenarios fit the available proxy
data much better than the 500 ppm scenario. This supports those data interpretations that early

Paleogene atmospheric CO; concentrations were much higher than present-day values.
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5 Atmosphere

5.1 Precipitation

There were also significant changes in precipitation during the PETM. Robert and Kennett (1994)
discovered greatly increased precipitation at the margins of Antarctica, while Pagani et al. (2006)
identified increased precipitation in the Arctic Ocean, and hence a general decrease of salinity in
the Arctic. This is to be expected in a warming climate with amplification of temperature at the
poles. A lower equator-to-pole temperature gradient implies that parcels of water vapor traveling
toward the poles will cool less. Therefore, in a general sense they will condense less. This causes
midlatitudes to become drier and precipitation at the poles to increase.

To study the difference in precipitation patterns between the late Paleocene (or early Eocene)
and the PETM (among other processes), Huber and Sloan (1999) applied version 1.02a of the
NCAR GENESIS GCM. This is a model of the atmosphere which is coupled to a land surface
model and an slab ocean model with prescribed SSTs. Two experiments were performed; the first
used late-Paleocene/early-Eocene SSTs (EOW case) and the second used SSTs from the PETM

(PETM case), and both were performed for the months of January and July.

| Case January July |
Global Total Precipitation
PETM 4.7 4.8
EOW 4.6 4.8
Land Only Precipitation
PETM 4.7 4.5
EOW 4.6 4.1

Table 1: Comparison of global total precipitation and land only precipitation from the PETM and
EOW cases. Values are measured in millimeters per day (Huber and Sloan, 1999).
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Figure 8: Difference between the PETM and EOW precipitation fields for the months of January
and July. Contours are at positive and negative 1, 2, and 16 millimeters per day (Huber and Sloan,
1999).

On a global scale, the model found that total precipitation changed very little (Table 1). How-
ever, for the July simulation, precipitation over land increased substantially (Table 1). This increase
is mainly caused by a stronger monsoonal circulation in the summer hemisphere over South Amer-
ica, Central Africa, and India Huber and Sloan (1999). As compared to the EOW case, the model
found increased precipitation at high-latitudes, little change in midlatitudes, and a decrease in the
tropics during the PETM (Fig. 8). This change is due to the lower equator-to-pole temperature

gradient, and qualitatively fits the proxy-data.
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5.2 Atmospheric Chemistry and Modeling PETM Atmospheric Composi-
tion

Although CO, is essentially chemically inert in the atmosphere, CH, plays an important role in
atmospheric chemistry and therefore the radiation balance of the Earth. The principal effect that
increased CH4 has on the atmosphere is to reduce the concentration of OH (the hydroxyl radi-
cal) (Schmidt and Shindell, 2003). Since OH is the main oxidizing agent of CH, in the troposphere,
less CH, is oxidized in a high-CH4 atmosphere, and therefore the residence time of tropospheric
CH, increases (Schmidt and Shindell, 2003).

At the onset of the PETM, great amounts of CH, are thought to have been emitted into the
atmosphere. Therefore, by the reasoning above, the residence time of CH, must have increased.
Averaged over a period of 20 years, CH, is known to be approximately 72 times more potent as a
greenhouse gas than CO, (Solomon et al., 2007). Hence, methane is likely to have played a much
more important role in warming at the onset of the PETM than it does in our present day climate
(CH,4 presently accounts for approximately 19% of the radiative forcing of the total long-lived
greenhouse gases (Solomon et al., 2007)).

To simulate these effects Schmidt and Shindell (2003) first applied a simplified version of
the atmospheric chemistry component of the Goddard Institute for Space Science (GISS) GCM.
Due to the difficulties presented in estimating general climatic conditions at the Paleocene/Eocene
boundary, the authors chose to initialize the model with the preindustrial atmospheric composition.
Also, several reactions and feedbacks were ignored.

For atmospheric CH, concentrations ranging from 1 to 200 times the preindustrial level of
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0.7 ppm (8 time slice experiments), the model was used to calculate, among other things, the
percentage change in the OH radical as well as the residence time of CH,. From the results,
summarized in table 2, it can be seen that the OH radical decreases exponentially with increasing
CH,, i.e. the oxidation capacity of the atmosphere is decreasing rapidly, and that the residence

time of CH, increases with the addition of CHy (Schmidt and Shindell, 2003).

CH, OH CH, Residence Time
Concentration (% Change) (years)
1 0.0 8.4
2.5 -19.2 10.1
4 -30.8 11.5
7 -42.5 134
10 -56.5 16.7
40 -78.1 26.9
100 -90.4 41.1
200 -91.2 42.5

Table 2: CH, concentration is the multiple of the preindustrial CH, concentration. % change of the
OH radical is the percentage increase relative to the preindustrial climate (Schmidt and Shindell,
2003).

Using the results from the atmospheric chemistry experiments, Schmidt and Shindell (2003)
simulated several emission scenarios (Fig. 9) of the PETM with the goal of determining potential
concentration changes of CH,4, CO,, and HyOy;, (stratospheric water vapor). This was done with
a simple two-box model (troposphere and stratosphere) for the average concentrations of CHy,
CO,, and H,0,;.. Though the box model ignores all of the interactions between the atmospheric
chemistry and the oth(?r components of the climate system, it still gives a good idea of the first
order changes of the chemical corhposition of the atmosphere throughout the PETM (Schmidt and
Shindell, 2003). As can be seen from table 3, for all but the 3 Gt/yr scenario, CH4 concentra-
tions remain quite stable and COy concentrations are large but do not rise to dramatically high
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Figure 9: Two of the transient CH, emissions scenarios used in the two-box model. The left panel
describes the 1.5 Gt/yr scenario and the right panel describes the three pulse scenario (B99). The
other uniform scenarios are similar in structure to the left panel (Schmidt and Shindell, 2003).

levels (Schmidt and Shindell, 2003).

Although the concentrations of CH, and CO, are not exceptionally high, the radiative forcing
effects of these changes could still be significant. Schmidt and Shindell (2003) applied the GISS
radiative transfer model to determine the strength of the radiative forcing caused by CH,4, CO,, and
H,0,:,. As shown in table 3, CH, dominates the change in radiative forcing and could explain the

extreme temperatures during the PETM.

5.3 Atmospheric Temperature Changes

In section 5.2 the chemical and radiative forcing effects of the change in atmospheric composition

due to the release of methane hydrates was studied. From these results, the temperature distribution
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| Experiment CO, CH; H,0, CO, CO,+CH; All |

3 Gt/yr (500 years) 200 472 159 33 11.4 13.3
1L.5Gt/lyr(1kyr) 160 149 5.0 2.7 6.2 7.2
03Gtlyr(Skyr) 100 1.8 0.6 1.9 2.6 2.8

0.15Gt/yr (10kyr) 90 0.8 0.3 1.8 22 22

0.05Gt/yr (10kyr) 30 0.2 0.1 0.7 0.8 0.8
B99 (transient) 9 3.6 1.2 1.8 3.0 33

Table 3: Concentrations are stated as increases (in ppmv) relative to the preindustrial values of 280,
0.7, and 2.6 ppmv for CO,, CHy, and HyOy,,, respectively. Concentration and radiative forcing
values are stated for the time of peak CH,. The results for the B99 scenario are stated for the end of
the second pulse. The “all” column of the radiative forcing refers to the changes due to CO,, CHy,
and H,O,,,. Radiative forcing is defined as the instantaneous response to increased GHG forcing

at the tropopause at the end of the emission period, measured relative to a preindustrial control run.
Table from Schmidt and Shindell (2003).

produced by such radiative forcing can be estimated. By applying a coarse resolution version of
the GISS middle atmosphere GCM, and coupling it to a slab ocean with thermodynamic-only sea
ice, Schmidt and Shindell (2003) were able to estimate PETM surface temperatures (using present-
day initial conditions). For the 1.5 and 0.3 Gt/yr scenarios, simulated global mean temperatures
increased by 6.7 and 2.9 °C, respectively. These results match the larger changes recorded by high-
latitude proxy-data; however, as in other GCM simulations, the tropics warm more than proxies
indicate. As there is a fair amount of uncertainty in the proxy-data estimated temperatures and im-
portant components and feedbacks lacking in the model, Schmidt and Shindell (2003) determined
that the order of magnitude of the forcing (about 3 W/m?) was appropriate enough to cause the

observed temperature rises of the PETM.
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6 Ocean Response

6.1 Ocean Acidification

An important proportion of the CH, released by the melting of methane hydrates was oxidized
when it entered the ocean (Zachos et al., 2005). This reaction produced CO,, which then reacted

with water to form carbonic acid, as shown in equation 2:

H,;0 + COy «—— HY + HCO; «— H,COs @)

This acidified the ocean (reduced pH) and caused the concentration of carbonate to decrease

by enhancing the dissolution of CaCOj3 by equation 3:

CaCO3 + H,CO3 — Ca** +2HCO3 3)

This phenomenon can be studied in paleoclimates by looking at the behavior of the lysocline
(the depth at which CaCO; begins to dissolve in the ocean). An increase in ocean acidity, as
described above, implies that more carbonate dissolution is happening. Therefore, a shoaling
(approach toward the surface) of the lysocline should be observed.

Evidence of this sort of behavior was found at the Paleocene/Eocene boundary during Leg 208
of the Ocean Drilling Program (Walvis Ridge, Antarctica) (Zachos et al., 2005). The shoaling of
the lysocline was measured as beiﬁg 2 km in the first few thousand years. Carbonate concentrations

then returned to pre-PETM values approximately 110 ky later (Zachos et al., 2005). This evidence

28



2.8
T _F e Pacific
§3af e RS ——
g'a.s' -
8 [~ <~ ,w
[ [
- aof L
- \ Atlantic
[ N
- 4'4;
102 10° 10* 10° 10°
Time {yr)

Figure 10: Solid lines show the response of lysocline depths in the Pacific, Indian, and Pacific
Oceans (when CaCOg that had previously been deposited at the bottom surface of the ocean above
the lysocline was allowed to dissolve). Lysocline depths begin at 3.09, 3.73, and 4.14 km, respec-
tively (Dickens et al., 1997).

confirms that the oceans rapidly acidified during the PETM.

Dickens et al. (1997) employed the box model of Walker and Kasting (1992) to study the
response of the lysocline to a large addition of CH4. The model lysocline shoaled significantly in
the three deep ocean reservoirs 10. Shoaling took place over a period of 10 ky and deepening then
occurred over 200 ky. Deepening was so strong that the lysocline fell below the original lysocline
level 4. In all three ocean basins, lysocline levels returned to their initial states within 5000 ky.

Although these shoaling results are far smaller than those estimated by proxies, they do qual-
itatively demonstrate that the oceans acidified. Also, as will be discussed further in section 7,
by returning the lysocline to its original state over long timescales, the results demonstrate the

importance of chemical weathering in acting as a buffer to high transient CO, levels.
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| Ocean  Shoaling (m) Depth below initial lysocline (m) |

Pacific 15 80
Indian 50 130
Atlantic 160 180

Table 4: Maximum shoaling as well as maximum depth of the lysocline below the initial lysocline
level in each of the deep ocean reservoirs (Dickens et al., 1997).

6.2 Thermohaline Circulation (THC)

The ocean’s THC, the large-scale buoyancy-driven movement of water, was also greatly affected
by the release of GHGs to the ocean and atmosphere at the beginning of the PETM. Waters that
remain below the surface of the ocean become richer in nutrients which are enriched in 12C (Nunes
and Norris, 2006). This causes the §'3C values of older deeper waters to decrease (Equation 1).
Therefore, waters with more positive values of & 13C can be associated to nutrient-poor waters, and
hence regions of downwelling.

This principle was used to analyze ocean circulation in four ocean basins (Nunes and Norris,
2006). Before and after the CIE, the most likely primary location of downwelling was the South
Atlantic branch of the Southern Ocean, as it has the highest values of §'3C. However, the pattern
reversed during the CIE to a situation where the sites in the North Atlantic Ocean had the most
positive values. The shift from South Atlantic to North Atlantic downwelling occurred within 5 ky
of the CIE. This altered state endured for 40 ky, and within 100 ky it had returned to the original
circulation (Nunes and Norris, 2006).

Increasing CO, levels are known to intensify the hydrological cycle; that is, evaporation min-
ues precipitation (P — F) remains constant but precipitation and evaporation both increase (Bice

and Marotzke, 2002). This does not happen uniformly throughout the Earth; on regional scales
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evaporative fluxes in the tropics and precipitation fluxes at the poles become dominant and cause
the precipitation pattern changes discussed in section 5.1. These fluxes are important to the THC
because they affect ocean surface density and thus locations of deepwater formation.

Bice and Marotzke (2002) applied the Modular Ocean Model (MOM) of the Geophysical Fluid
Dynamics Laboratory (version 2.2), coupled to the GENESIS AGCM, to investigate the THC of
the early Paleogene and PETM and to determine whether a switch in the THC could have triggered
the release of methane hydrates. The AGCM was used to determine the £ — P field (evaporation
minus precipitation/moisture flux), which was then employed to force the MOM and determine the
global ocean circulation for a pre-PETM Earth. Model-derived deepwater formation was found
to occur in the zone between Antarctica and Australia (Bice and Marotzke, 2002), which does not
correspond to the results of (Nunes and Norris, 2006).

Hydrological cycle perturbation experiments were also performed using the MOM (Bice and
Marotzke, 2002). The MOM was forced with varying E — P; that is, from a range of 1.0 (£ — P)
to 2.0 (E — P) in steps of 0.1 (E' — P) every 500 years. For the control run above, little change in
general ocean circulation was recorded in reaction to the moisture flux forcing (Bice and Marotzke,
2002). However, the introduction of a land barrier which connected the Arctic region to Britain
greatly impacted the THC. At a moisture flux of 1.6 (E' — P), the model THC quickly switched
from sinking between Australia and Antarctica to sinking in the northern Pacific (Bice and Marotzke,
2002). Total overturning in the northern hemisphere increased drastically from 20 to 45 Sv (1 Sv =
10% m3/s), while it decreased substantially in the southern hemisphere (from 60 to 12 Sv) (Bice and

Marotzke, 2002). This switch was also found to cause a 3-5°C increase in deep water temperatures
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in the Pacific (Bice and Marotzke, 2002).

Further studies with more modern GCMs will be required to determine whether it was the
results of the simplified model or the experimental results of Nunes and Norris (2006), or both,
which are at fault. However, these results are still very interesting because they present a means
of triggering a massive release of methane hydrate through a mechanism internal to the climate
system, i.e. the long-term increases in CO, which caused an intensification of the hydrological
cycle. Bice and Marotzke (2002) propose that this process, when applied to one of the possible
paleogeographic configurations of the Paleocene, may have caused an abrupt and intense switch in
the downwelling part of the THC and thus warmed tremendous amounts of ocean sediment, thus

releasing large amounts of methane hydrate and bringing about the PETM.

7 Chemical Weathering

Increased chemical weathering of silicate rocks through the process of hydrolysis is known to have
occurred during the PETM, due to the enhanced presence of carbon dioxide in the atmosphere (Za-
chos et al., 2005; Kelly et al., 2005). This process can be expressed by equation 2, which describes
the initial formation of carbonic acid in the atmosphere, and equation 4, which represents hydrol-

ysis:

CaSiO::, + H2003 I 0(1003 + SZO2 + H2O (4)

About 80 ky after the onset of the CIE, carbon dioxide began to be removed from the atmo-
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sphere at significant rates (Kelly et al., 2005). Silicate weathering therefore acted as a pivotal
negative feedback to the increased carbon dioxide concentrations and thus worked to return the
Earth system back to its pre-CIE state.

The box model of Walker and Kasting (1992) contains a rock cycle which, over long time
scales, transfers carbon from the atmosphere to the deep oceans through weathering. The rate at
which this weathering occurs at the surface depends most strongly upon the partial pressure of CO,
(pCOy), but also on temperature and runoff rates. Results from this model showed that the most
important aspect of the rock cycle was the manner in which carbonate and silicate weathering
rates depended upon pCO,. This factor plays the central role in dictating the resulting pCO, at
equilibrium in the long term (thousands to millions of years) and how long it will take for the
atmosphere-ocean system to recuperate from a large addition of CO, (Walker and Kasting, 1992).

Through the rock cycle described above, the box model of Walker and Kasting (1992) was used
to study the timescales on which it took for certain components of the Earth system to recover from
the forcing which caused the PETM (Dickens et al., 1997). Atmospheric CO, levels, lysocline
depths, and §'3C were found to have returned to normal within 2 million, 5 million, and 200 ky,
respectively. Since the PETM is generally regarded as lasting no more than 220 ky (Rohl et al.,
2000; Kelly et al., 2005), these results do not at all correspond to recent proxy results. That is, the
box model is using a weathering function for the present day which is simply inappropriate for the
PETM. However, the rock cycle does reproduce the end of the PETM and since the three variables
mentioned above decrease in an e);ponential manner, an overly conservative definition of “returned

to normal” could have caused the observed times to be longer than required.
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8 Flora

At regional scales, floral distributions were transformed by the warming which occurred at the
Paleocene-Eocene boundary. In tropical areas, studies using pollen and spores have shown little
change in floral diversity or composition (Harrington, 2001; Jaramillo, 2002). However, similar
studies performed at higher latitudes have demonstrated extensive northward migration of floral
species. A study of Wyoming’s Bighorn Basin determined that a legume leaflet, which is known
to have lived no further north than the southern United States, had migrated from 650 to 1500 km
northward in just a few thousand years (Wing et al., 2005). Since tropical temperatures are known
to have increased much less strongly than those at mid and high latitudes, it is reasonable that
tropical plants would have reacted less prominently to their new environment than non-tropical
varieties.

The chief difficulty in modeling Eocene vegetation is the great deal of uncertainty in the global
distribution of vegetation. This problem is known to lead to contradictory results between climate
and vegetation and makes it difficult for models to assist in the understanding of how vegetation
and climate interact (Shellito and Sloan, 2006).

Many of the models discussed above included a prescribed vegetation component (Huber and
Sloan, 2001; Shellito et al., 2003). That is, a variety of vegetation types which could influence the
environment are included in the model; however, the vegetation types could not evolve along with
changing climatic conditions. This is a strong limitation and renders transient runs on vegetation
changes during the PETM impossible. Recently, dynamic global vegetation models (DGVM) have

begun to be coupled to models of the land surface (Bonan et al., 2003). This new class of vegetation
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model allows the full spectrum of vegetation-climate feedbacks to be realistically simulated and
analyzed.

To simulate vegetation change during the PETM, the NCAR LSM-DGVM was used (Shel-
lito and Sloan, 2006). This model contains elements from the Lund-Potsdam-Jena DGVM (LPJ-
DGVM) (Sitch et al., 2003) which are coupled to the NCAR land surface model (LSM) (v.1.2). In
the study of Shellito and Sloan (2006), the NCAR CCM (v.3.6.6) was employed with prescribed
vegetation in experiments with two levels of atmospheric carbon dioxide, namely pCO,; = 560
and 1120 ppm. The resulting climatological fields were then used to run the DGVM and deter-
mine the impact on vegetation. Since the physiological response of plant growth to higher CO,
concentrations is not included in the DGVM, the changes in vegetation from one carbon dioxide
concentration to the next are strictly due to changes in the climatological fields (mainly temperature
and precipitation).

The results of this study were in fair agreement with proxy data records. Mainly due to greater
amounts of summertime warmth, the time-slice run with CO, at 1120 ppm had the greatest impact
on the Arctic and Antarctic, with temperate vegetation types migrating much further north there.
However, vegetation types in tropical and middle latitudes were found to be essentially independent
of the atmospheric CO, level. The best correlation between the model results and proxy data is
found in tropical India and Columbia. Also, the higher CO, run fits well with the current picture
of vegetation in the Paleocene and Eocene. However, the model mainly generates grasses in the

Arctic, which is inconsistent with plant macrofossils from the area.
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9 Conclusions

Box models and coupled GCMs of the Earth system have been generally successful at reproduc-
ing a variety of proxy-data from the PETM and Paleocene/Eocene epochs. The simple box model
of Walker and Kasting (1992) simulated lysocline shoaling and the carbon isotope excursion (Dick-
ens et al., 1997). Also, the two-box chemical model of Schmidt and Shindell (2003) was able to
reproduce an atmospheric composition, in conjunction with the GISS radiative transfer model,
which generated radiative forcing large enough to sustain PETM surface temperatures. Coupled
GCM studies have simulated high sea surface and deep water temperatures (Huber and Sloan,
2001), drying at midlatitudes and increased precipitation at the poles (Huber and Sloan, 1999),
and a switch in the thermohaline circulation due to an intensifying hydrological cycle (Bice and
Marotzke, 2002).

There are still inconsistencies between model results and proxy data, however. First, there
is the high gradient problem. A fully coupled GCM simulation which would include increase
hurricane-induced ocean heat transport and polar stratospheric clouds may resolve this problem.
Second, an important unresolved issue in modeling is the range of Paleocene/Eocene CO, and CH,
concentrations. Narrowing the ranges of these greenhouse gases would permit models to run with
appropriate radiative forcing. This would also allow the sensitivity of temperature to a doubling of
CO,, concentrations to be better identified.

The Paleocene/Eocene epochs and the PETM are crucial periods in the modeling and under-
standing of the “Greenhouse” Earth and the massive addition of carbon to the ocean-atmosphere

system. Such periods and events from our planet’s history give scientists the opportunity to de-
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termine whether models that correctly represent present-day conditions are equally appropriate for
past climates. Data-model mismatches in these ancient climates, such as the high gradient prob-
lem,‘ generally indicate that the model lacks mechanisms which are more important in the past than
they are today. Since the Earth is presently entering a warm period with carbon fluxes to the atmo-
sphere of a magnitude similar to that of the PETM, models that implement mechanisms which are

critical in warm climates will be pivotal in understanding and forecasting future climate change.
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